This paper investigates the ability of P-wave receiver functions to constrain both the velocity and density contrasts across the Moho. Expressions for receiver function amplitudes corresponding to a layer over a half-space are extended to media with depth-dependent properties by explicitly accounting for free-surface reflection coefficients. Forward numerical computations show that receiver function amplitudes become frequency-dependent for depth-dependent structures and that, for a given frequency, wavelengths associated to Ps converted phases are larger than wavelengths associated to multiply reverberated phases. When consistent measurements of the amplitudes of Ps phase and multiples can be obtained, the extended expressions suffice to account for the observed amplitudes. Receiver function amplitudes are sensitive to both velocity and density contrasts across the Moho, and a two-step grid-search procedure is proposed to recover the contrasts from their measurement. The near-surface velocity is recovered in the first step from the amplitude of the direct P wave and then used in the second step to work out the relative density and S-wave velocity contrast from the amplitude of the secondary phases. Examples from central Spain (PAB) and the Indian Shield (HYB) are discussed and demonstrate that receiver function amplitudes can constrain contrasts across the Moho accurately enough to be utilized in geological interpretation.
of thickness H and constant P-and S-velocity and density. The ray paths correspond to the main phases generated by the interaction of the discontinuity at the base of the layer with an incoming P-wavefront. The phase labels consist of a leading P (for the impinging P-wavefront) followed by lower and upper case letters denoting upgoing and downgoing P-and S-wave segments within the layer, respectively. (b) Synthetic receiver functions computed for the layer over half-space models shown in the insets, corresponding to a zero P-velocity contrast ( α = 0), a zero S-velocity contrast ( β = 0), and a zero density contrast ( ρ = 0).
indeed, a few studies have already shown the potential of this approach. Niu & James (2002) , for instance, used receiver function amplitudes from a single event recorded at a dense broadband network in South Africa to estimate the density contrast across the Moho and infer the felsic character of the lower crust of the Kaapvaal craton, and Lodge & Helffrich (2006) tuned the density structure beneath the Cape Verde islands to model receiver functions and test a number of current swell formation ideas. This paper investigates the nature of the constraints posed by receiver function amplitudes on S-wave velocity and density in the immediate vicinity of the crust-mantle boundary and its ability to constrain lithologic composition. First, the effect of the deconvolution operation and the bandwidth utilized to stabilize the receiver function waveforms on the receiver function amplitudes is critically assessed. A procedure to retrieve the velocity and density contrasts from picked receiver function amplitudes is then proposed and tested with synthetic 'data '. Finally, examples from central Spain and the Indian Shield are shown to illustrate the performance of the proposed scheme and discuss the extent to which the velocity and density contrasts can realistically be used for geological interpretation.
R E C E I V E R F U N C T I O N A M P L I T U D E S

Deconvolution amplitudes
Consider a ray description of the response to an incoming P-wave plane of a layer of constant velocity (and density) over a half-space (eq 1). The direct P wave (Pp), the P-to-S conversion at the interface (Ps), and the first three multiples (PpPp, PpPs and PpSs) are explicitly included in the description (conventions are explained in the caption of Fig. 1 ). Note that two of the multiples are degenerate: PpPs includes the kinematic equivalents PpSp and PsPp, and PpSs includes PsPs and PsSp. For such a simple model the vertical and radial components of motion, Z(t) and R(t), are expressed as:
R(t) = r Pp s(t) + r Ps s(t − t Ps ) + r Pp Pp s(t − t Pp Pp ) + r Pp Ps s(t − t Pp Ps ) + r PpSs s(t − t PpSs ) Z (t) = z Pp s(t) + z Ps s(t − t Ps ) + z Pp Pp s(t − t Pp Pp ) + z Pp Ps s(t − t Pp Ps ) + z PpSs s(t − t PpSs
where t is the time relative to the direct P-wave arrival, s(t) is the source-time function, and r x , z x , and t x are the radial and vertical amplitudes and relative traveltime for phase x, respectively. Detailed expressions for the traveltimes and amplitudes are given in Table 1 . 
where ω is the angular frequency, S(ω) is the source spectrum (which is equalized by the deconvolution process), H(ω) is the Fourier transform of the receiver function h(t), and 
Following Ammon (1991) , eq. (4) is expanded into a power series by using the well-known Taylor expansion of (1 + x) −1 , where
Substituting x byẑ Ps e iωt Ps + · · · and keeping the quadratic terms in the expansion, the receiver function spectrum H(ω) can be approximated as 
The first four terms inside the brackets in eq. (7) include the zeroth-and first-order terms of the power series expansion (eq. 6) and basically represent a correction of the radial amplitudes by the corresponding vertical amplitudes for each phase. Note that phases with trajectories ending in a P-wave segment (i. 
Note that due to the inclusion of the second-order terms, the expressions for the multiples appear to have a more complex nature than expected from their labelling. The second-order terms are small for ray parameters less than about 0.06 s km −1 and could be neglected, but for large ray parameters they are notable and must be kept in eq. (7). Finally, substituting the expressions for the normalized amplitudes given in Table 1 into eqs (8)-(11), 
where p is the ray parameter, α 0 and β 0 are the near-surface P-and S-wave velocities,
is the vertical slowness, and the combinations ofṔ,Ś,P andS denote the reflection/transmission coefficients (Aki & Richards 2002) . Explicitly denoting near-surface velocities might seem unnecessary since, strictly speaking, velocities are constant throughout the whole layer. The distinction, however, is useful to show that eqs (12)-(15) can be extrapolated to media with depth-dependent properties as long as the near-surface and deep-structure contributions are accounted for separately.
The validity of the layer over a half-space extrapolation to depth-dependent media is demonstrated through a plausible three-layer model for the Earth's crust listed in Table 2 . The energy carried by the phases generated at the crust-mantle boundary in this model will be partitioned at the seismic discontinuities within the crust, and eqs (12)-(15) will only approximate the 'true' values. A comparison of the 'true' and approximated receiver function amplitudes is given in Table 3 . The 'true' amplitudes are obtained by computing synthetic displacement seismograms with the hspec96p utility of Herrmann & Ammon (2002) , numerically deconvolving the resulting traces through the water-level method of Clayton & Wiggins (1976) , and applying an area-normalized Gaussian filter of width a = 2.5 to the deconvolved traces. Approximated values are obtained from eqs (12) to (15) using the upper crustal values of the three-layer model as the near-surface values α 0 and β 0 . Table 3 shows that the approximated amplitudes only slightly underestimate the 'true' amplitudes and that eqs (12)-(15) can be utilized to predict receiver function amplitudes in depth-dependent media.
Frequency-dependent amplitudes
Eqs (12)- (15) assume that the peaks and troughs making up the receiver function waveforms are delta functions, that is, that the time-series contain infinitely high frequencies. In practice, however, observed receiver function waveforms are filtered below some finite cut-off frequency. The amplitudes are thus measured in the receiver functions within finite bandwidths and because the wavelengths of the propagating P and S waves making up the receiver functions change with frequency, the velocity and density contrasts 'seen' by the receiver functions change with frequency as well (Owens & Zandt 1985) . The frequency dependence of the reflection and transmission coefficients was studied in detail for transition models of the 660-km discontinuity (e.g. Richards 1972; Bostock 1999) , showing that theṔŚ coefficient decays to zero for transition thicknesses around one incident wavelength.
To get a more intuitive insight into this dependence of the receiver function amplitudes with frequency, consider first a simple extension of the layer over a half-space case where the sharp discontinuity is substituted by a gradational velocity and density transition. Fig. 2 displays the variation of the receiver function amplitudes with frequency for transitions of increasing thickness. The Pp phase has a constant amplitude during the whole frequency and thickness ranges but, when the transition is thick enough, the remaining amplitudes decrease with frequency. The wavelength of the incoming wave becomes shorter as the frequency grows higher and, therefore, averages over smaller depth-ranges. Consequently, the Moho interaction phases sample regions with smaller contrasts at higher frequencies and generate correspondingly smaller amplitudes. The amplitude of the Pp arrival, on the other hand, is not affected since it is sensitive to near-surface structure (eq. 12) and there are no near-surface velocity or density variations. The amplitude of the Ps phase starts decreasing for thicker transitions (i.e. h > 2.0 km) than the amplitude of the multiples (i.e. h > 0.5 km), which demonstrates that the wavelength associated with the Ps phase is larger than the wavelengths associated with the multiples. Fig. 2 also shows that the amplitudes approach the frequency-independent amplitudes predicted by eqs (12)- (15) in the low-frequency limit, emphasizing the fact that the low frequencies will 'see' the gradational transition as a sharp discontinuity when the wavelengths are long enough. Consider next a two-layer crust over a half-space upper mantle. Fig. 3 displays the variation of the amplitudes with frequency for several thicknesses of the lower crust. The grey bands mark the bounds between the amplitudes predicted by eqs (12)-(15) for a contrast of the size between the upper crust and the upper mantle and the lower crust and the upper mantle, respectively. For a lower crustal thickness of h = 1.0 km, the Ps amplitude remains approximately constant over the whole frequency range and equal to the larger upper crust-upper mantle contrast value. The multiples, on the other hand, transition from the bigger contrast to the smaller contrast as frequency increases. As the thickness of the lower crust increases, however, the Ps phase also transitions into the amplitude value predicted for the smaller lower crustupper mantle contrast. Again, the effect is explained by the decrease in wavelength associated with the increase in frequency. The Ps phase needs higher frequencies and thicker layers to transition, since it has larger wavelengths, while the multiples transition to the small contrast between the lower crust and the upper mantle for thinner layers and lower frequencies due to their shorter wavelengths. Note the anomalous behaviour of the PpPs multiple for the 7.5 km thick lower crust. Because of the selection of layer thicknesses and velocities, the PpPs multiple generated at the boundary between the lower crust and the upper mantle overlaps with the PpSs multiple generated at the boundary between the upper crust and the lower crust. Due to the opposite sign of the phase amplitudes the result is an amplitude which is not directly related to any of the two contrasts.
The numerical experiments shown in Figs 2 and 3 illustrate the differential effect of the amplitude reduction with frequency for the Ps and multiples. The contrast between the top and bottom of a gradational crust-mantle transition is consistently sampled by the receiver function amplitudes only at low enough frequencies (Fig. 2) , while the contrast at the Moho discontinuity in a two-layer crust is consistently sampled by the receiver function amplitudes only at high enough frequencies (Fig. 3 ). This is because in the first case the contrast of interest is spread over a finite depth-range, while in the second case the contrast of interest is sharp. Consistent sampling of a seismic contrast by receiver function amplitudes depends critically on choosing appropriate frequencies for the given velocity structure beneath the recording station.
R E C O V E R I N G ∆β/β A N D ∆ρ/ρ
The numerical experiments discussed in Sections 2.1 and 2.2 have shown that when the receiver function amplitudes consistently sample the same seismic contrast the equations for a simple layer over a half-space (eqs 12-15) suffice to account for the observed amplitudes. Fig. 1 has already shown that even though the reflection/transmission coefficients entering the equations of the secondary amplitudes explicitly include the velocities and densities above and below the discontinuity (α 1 , β 1 , ρ 1 and α 2 , β 2 , ρ 2 ), the main sensitivity is to their differences (i.e. α = α 2 − α 1 ). This sensitivity can be analytically substantiated by approximating the reflection/transmission coefficients in eqs (13) (13)- (15), the receiver function amplitudes can be expressed as
For realistic values of α/β one can assume that, (1 − 2β/α) 4β/α (Niu & James 2002) , so the Ps conversion amplitude is in practice proportional to β/β. For the same realistic values, it can also be assumed that (1 + 2β/α) ≈ 4β/α, so the contribution of the S-velocity contrast and the density contrast to the amplitudes of the multiples is similar.
Close inspection of eqs (12)- (15) suggests that the contributions to the receiver function amplitudes come from two different sources: (i) the near-surface velocities (but not densities), denoted with a '0' subscript in the equations and (ii) the 'deep' structure immediately above and below the seismic discontinuity (i.e. the reflection/transmission coefficients). The direct P-wave amplitude is only sensitive to near-surface structure through the near-surface S-velocity β 0 (eq. 12). Taking these contributions into account, a two-step inversion scheme to recover the S-velocity and density contrasts from the receiver function amplitudes is proposed. In the first step, the near-surface S-velocity (β 0 ) is estimated by matching (in a least-square sense) observed direct P-wave amplitudes for a range of ray parameters with values predicted from eq. (12). A value for the near-surface P-velocity (α 0 ) is then inferred from some a priori, near-surface Poisson's ratio estimate. In the second step, relative S-velocity ( β/β) and density ( ρ/ρ) contrasts are obtained by jointly matching observed P-to-S conversion and reverberation amplitudes with values predicted from eqs (13) to (15), with the near-surface velocities α 0 and β 0 fixed to the values obtained in step one. The match between observed and predicted amplitudes can be easily achieved through simple grid-search schemes within reasonable ranges of β 0 , β/β and ρ/ρ. Confidence bounds can be estimated by bootstrapping the observed amplitudes (Efron & Tibshirani 1991) .
A numerical example of the two-step grid-search procedure is given in Fig. 4 . The synthetic 'data' has been generated using the same approach described in Section 2.1 from the model in Table 2 , with the additional complication that the model is now overlain by a 1-km thick layer of low-velocity material (α s = 5.0 km s −1 , β s = 2.78 km s −1 and ρ s = 2.37 g cm −3 ). First, a grid-search is run to match the P-wave amplitudes and obtain an estimate for the near-surface S-wave velocity. The grid-search sweeps plausible S-velocity values for near-surface rocks, between 2.0 and 4.0 km s −1 , in steps of 0.01 km s −1 and finds a minimum in the misfit curve at 3.47 km s −1 (Fig. 4a) , which basically coincides with the S-velocity of the layer underlying the top low-velocity layer. The remaining amplitudes are then matched after running Table 4 . Sensitivity analysis of the grid-search approach to α 0 /β 0 , α, β and ρ. The 'true' values from the model in Table 2 are α 0 /β 0 = 1.73, α = 7.3 km s −1 , β = 4.21 km s −1 and ρ = 3.11 g cm −3 and the estimated contrasts from the exact averages are β/β = 0.160 and ρ/ρ = 0.107.
Suite 01
Suite 02 another grid-search for β/β and ρ/ρ. The new grid-search spans the 0.0-0.5 range in steps of 0.0025, wide enough for realistic relative Moho contrasts, and displays a minimum at β/β = 0.160 and ρ/ρ = 0.107 (Fig. 4b) . The values expected from Table 2 for the interface at 32 km are β/β = 0.146 and ρ/ρ = 0.110. Differences around 0.02 between the contrasts reflect differences below 0.1 km s −1 and 0.1 g cm −3 in β and ρ, respectively, so the contrasts are recovered accurately.
Recall that to run the second grid-search, values for the average properties α, β, and ρ across the interface and for the near-surface α 0 /β 0 ratio had to be assumed. The grid-search shown in Fig. 4(b) used the near-surface Vp/Vs ratio and average P-, S-velocity and density from the true model, and the numerical example would not be complete without showing the effect of these assumed parameters on the estimated contrasts. Table 4 shows the results of four separate suites of inversions, where the two-step grid-search inversion is performed for a range of α 0 /β 0 , α, β and ρ, respectively. A close inspection of the resulting S-velocity and density contrasts reveals that, except for the average S-velocity (β), a very approximate knowledge of the parameters suffices. This is especially true for the average density (ρ) (suite 04 in Table 4 ), which does not seem to affect the estimated contrasts at all. Note that the average density does not explicitly appear in the first-order expressions (eqs 16-18). The dependence on β, on the other hand, is more critical (suite 03 in Table 4 ) and suggests that a range of average S-velocities should be examined if that parameter is not confidently known a priori (i.e. within ±0.2 km s −1 ).
C A S E S T U D I E S
PAB, central Spain
Station PAB is located in the Iberian Massif of central Spain, a remnant of the Variscan orogen that resulted from the assembly of the Pangea supercontinent in Late Palaeozoic times (e.g. Matte 2001), and its lower crustal lithology is relatively well understood. A geochemical study of a lower crustal granulitic xenolith suite in the Massif's Spanish Central System (Villaseca et al. 1999) revealed the xenoliths are consistent with a restitic origin after granitic melt extraction, with little mantle contribution for granite production, suggesting a predominantly felsic character for the Massif's lower crust. The felsic character is corroborated by refraction profiling (e.g. Banda et al. 1981; Suriñach & Vegas 1988) and receiver function studies (Sandvol et al. 1998; Van der Meijde et al. 2003; Julià & Mejía 2004) , which show the crust in central Spain is thin (∼32 km), felsic in composition (Poisson's ratio of ≤0.25), and lacks a predominant mafic or eclogitic layer in the lower crust (P-and S-wave velocities are 6.8-6.9 and 3.9 km s −1 , respectively).
Receiver functions for station PAB were obtained by deconvolving the vertical component of teleseismic waveforms in the 30 • ≤ ≤
90
• epicentral range from the corresponding horizontal components through the iterative, time-domain deconvolution procedure of Ligorría & Ammon (1999) . The deconvolution operation was performed at two different frequency bands corresponding to Gaussian widths of a = 2.5 and 1.0. After a strict quality control that included a minimum 90 per cent recovery of the original radial waveform from the deconvolved trace, a small transverse signal, and visual stability, a total of 182 and 203 high-quality receiver function waveforms were selected for the high and low Gaussian widths, respectively (Fig. 5 ). Amplitudes were manually picked from the radial receiver functions for peaks above the noise level in the vicinity of predicted traveltimes for the direct P wave, Ps, PpPs and PpSs generated at the Moho. the estimated contrast gives a value of 2.81 ± 0.12 g cm −3 for the density of the lower crust. This is about 0.1 g cm −3 lower than in the gravity study, but still within error bounds and clearly within the 2.75-3.05 g cm −3 density range measured from the lower crustal xenoliths in the Spanish Central System (Villaseca et al. 1999) . For the a = 1.0 amplitudes, near-surface velocities are 3.44 ± 0.04 km s −1 , the S-wave velocity contrast is 0.182 ± 0.011 km s −1 , and the density contrast is 0.138 ± 0.019 g cm −3 . The increase in the near-surface velocity and relative S-wave velocity contrast for this lower frequency content is the result of the increase in wavelength discussed in Section 2.2. According to Banda et al. (1981) the crystalline basement S-wave velocity is 3.48 km s −1 , in good agreement with the near-surface estimate, and the relative S-wave velocity contrast between the middle crust and the upper mantle is 0.20-0.23, closer to the low-frequency estimate. The low-frequency density estimate, on the other hand, is smaller than the high-frequency estimate. This is a counterintuitive result, since longer wavelengths should see larger contrasts, but can be easily explained as the result of accounting for the amplitudes of the multiples with the overestimated S-wave velocity contrast from the Ps amplitudes. To illustrate that the change in the estimated values is actually required by the data, Fig. 7 compares the amplitudes at both Gaussian widths for those events that produced acceptable receiver functions at both frequency contents. A change in amplitude is apparent for the Pp and Ps phases, as required by a rapid velocity increase with depth of the near-surface structure and a larger S-wave velocity contrast seen by the larger wavelengths, respectively. The similarity in amplitudes observed at both frequency contents for the multiples shows that they did not transition into the larger contrast.
HYB, Indian Shield
Station HYB is located in the northern part of the Eastern Dharwar craton, an Archean terrain of granitoid rocks that were added to the continental crust at ∼2.6-2.5 Ga (Gupta et al. 2003) . Knowledge of the composition of the deep crust beneath HYB comes mostly from indirect geophysical measurements. The crustal thickness and bulk Poisson's ratio have been estimated from receiver functions with the Zhu & Kanamori (2000) technique, giving values of 33 ± 0.5 km and 0.25, respectively (Gupta et al. 2003) . Detailed S-velocity models have also been provided by several authors after jointly inverting receiver functions and surface wave dispersion velocities. Zhou et al. (2000) used a gradational crust over a half-space model to parametrize the crust beneath HYB, and inferred a crustal thickness of 32 ± 2 km with an average crustal S-velocity of 3.58 ± 0.10 km s −1 , with an S-velocity jump of 0.68 km s −1 spread over a maximum depth range of less than 4 km. Rai et al. (2003) inferred a crust consisting of a uniform S-velocity layer of ∼3.8 km s −1 between 2 and 33 km depth, with a 3 km thick crust-mantle transition zone, and a ∼4.6 km s −1 upper mantle. The low bulk Poisson's ratio along with the low deep crust S-wave velocities suggest a lower crust which is felsic to intermediate in composition .
As with station PAB, receiver functions for station HYB were computed by deconvolving the vertical component of teleseismic waveforms from the corresponding horizontal components with the iterative time-domain deconvolution method of Ligorría & Ammon (1999) at two frequency bands. The same quality control applied to PAB yielded a total of 679 waveforms for a Gaussian width of a = 2.5 and 576 waveforms for a Gaussian width of a = 1.0 at HYB (Fig. 8 ). Amplitudes were manually picked from the selected high-quality receiver functions, and searched for β/β and ρ/ρ through the two-step grid-search scheme for each frequency content. The results are 3.24 ± 0.02 and 3.22 ± 0.02 km s Pp (171) PpSs (65) PpPs (124) Ps (143) Pp (134) PpSs (43) PpPs (93) Ps (92) Figure 6. Two-step grid-search results for receiver function amplitudes at station PAB. From top to bottom the panels show the misfit curve for β 0 , the misfit surface for β/β and ρ/ρ, and the observed (symbols) and predicted (lines) receiver function amplitudes. In the bottom panel, the grey lines correspond to the fits to the 200 bootstrap replications used to compute the confidence bounds.
0.047 ± 0.006 for the relative density contrast for the a = 1.0 and 2.5 Gaussian widths, respectively. The S-wave velocity contrasts are in good agreement with the 0.19 relative contrast inferred from Rai et al. (2003) , but the relative density contrast seems unrealistically small given the large S-wave velocity contrast. Moreover, the results are similar at both frequency bands, which suggests a rapid crust-mantle transition well under the maximum 4 km thickness constrained in the receiver function studies (Fig. 9) . Fig. 10 compares the receiver function amplitudes measured at both frequency contents. The PpPs multiple has similar values at both frequency contents, but the Ps and PpSs phases increase in amplitude with decreasing frequencies. The slight increase of the Ps amplitudes at lower frequencies suggests a decrease in velocity at mid-crustal depths, and the increase in the PpSs amplitudes suggests a gradational crust-mantle transition. As demonstrated in Fig. 3 sometimes intracrustal discontinuities can interfere destructively with the Moho multiples and lower the apparent amplitude of the PpPs phase. When repeating the two-step grid-search without using the PpPs multiple a value of ρ/ρ of 0.140 ± 0.014 and 0.110 ± 0.012 is obtained at Gaussian widths of a = 1.0 and 2.5, respectively. These relative density contrast estimates are more consistent with the relative S-velocity estimates inferred from the Ps amplitudes and a gradational crust-mantle boundary thickness of 2-4 km, as required by the independent receiver function models. 
D I S C U S S I O N
Limitations of the technique
Approximating depth-dependent media with the layer over a half-space extension given by eqs (12)-(15) requires consistent sampling of the crust-mantle boundary by the Ps and multiples amplitudes. One anticipated difficulty in successfully applying the technique introduced in this paper is thus choosing the frequency content (i.e. Gaussian width) at which the amplitude measurements have to be made. The case studies presented in this paper have shown that one might have to use lower or higher frequencies depending on the nature of the boundary and its overlying structure. At station PAB, for instance, a high frequency Gaussian of a = 2.5 is preferred in order to avoid the sampling of an intracrustal discontinuity by the Ps phase, while at station HYB a low frequency Gaussian of a = 1.0 is preferred so that the multiples can sample the full extent of the gradational crust-mantle boundary. The assessment is based on comparing the velocity structure from independent studies (Banda et al. 1981; Rai et al. 2003) to the frequency dependent amplitude patterns obtained from the numerical experiments. If the velocity structure under the station is not known it might be necessary to work out the velocity structure under the station by modelling the receiver function waveforms prior to measuring the receiver function amplitudes and run numerical experiments similar to those in Section 2.2 to assess the measuring Gaussian width.
Another anticipated difficulty in the applicability of the technique is stations sitting on sediments. Thick sedimentary layers and/or low velocities associated to unconsolidated sediments can seriously interfere with Moho generated signals and be difficult, if not impossible to overcome by simply going to lower frequencies. Energy trapped in low-velocity sediments can reverberate for a long time in the near-surface structure, interfere with the Ps phase arriving from the Moho or even the multiples, and mask any information about the crust-mantle boundary (e.g. . The degree of influence of a sedimentary layer on the receiver function amplitudes, however, can be easily assessed. A large discontinuity at the sediment-bedrock interface will deflect the rays contributing to the receiver function to near-vertical angles and, at the same time, generate a large P-to-S conversion that will arrive shortly after the leading P wave. The Gaussian filter may not be able to separate both arrivals and the net effect will be a large peak with a maximum amplitude shifted with respect to the zero lag-time expected for the direct P-wave arrival (e.g. Zelt & Ellis 1998) . Realize that the amplitude of the shifted peak is dominated by the Ps conversion at the sediment-bedrock interface and should not be confused with the direct P wave. The observation of such a shifted leading peak is thus diagnostic of strong influence of sediments.
The example for station HYB shows that sometimes the PpPs multiple can interfere with another phase and lead to misleading amplitude measurements, and that the problem can be overcome by simply disregarding the information carried by this phase. One might ask whether the information from the other phases could be disregarded if one suspects there are other phases interfering. The linearized expressions (eqs 16-18) provide a qualitative explanation. The equations show that Ps amplitudes are basically proportional to β/β while the multiples are proportional to ( β/β + ρ/ρ). The amplitudes of the multiples constrain basically the same linear combination of contrasts, so constraints from Ps amplitudes become critical to decouple ρ/ρ from β/β. Consequently, one can disregard the information from the amplitudes of one of the multiples, but never the information from the Ps phase. The limitations exposed above could be theoretically circumvented by computing the receiver function amplitudes from depth-dependent velocity models instead of the layer over a half-space extension developed in Section 2.1. For station HYB, for instance, one might have used the model of Rai et al. (2003) , compute synthetic receiver function waveforms for independently perturbed S-velocity and density contrast across the 3 km thick crust-mantle boundary, filter the resulting synthetics at both Gaussian widths of a = 1.0 and 2.5, measure the Pp, Ps and PpSs amplitudes from the synthetics, and find the perturbation that best matches the measured amplitudes at both frequency contents.
Pp (498) PpSs (230) PpPs (406) Ps ( Pp (508) PpSs (204) PpPs (389) Ps ( This approach would be computationally more intensive and implicitly requires a more detailed a priori knowledge of the full crustal velocity structure to prevent internal trade-offs between the contrast estimates and the structure above. Of course, one could always perturb all the crustal parameters to assess their influence on the targeted seismic contrast and obtain meaningful error bounds, but that would increment the computational effort even more. In any case, a 'brute-force' approach might be unavoidable if the receiver function waveforms are complicated by low velocity sediments and/or extreme intracrustal features.
Implications for geological interpretation
Seismic velocity estimates are routinely employed to make inferences on the lithology of the lower crust. It is commonly accepted that the higher the seismic velocity the lower the silica content, since laboratory measurements of P-wave velocities of rock samples clearly show that lithologies with increasingly higher percentages of mafic mineral assemblages match better the higher P-wave velocities observed in the deep crust (e.g. Christensen & Mooney 1995) . Christensen (1996) , on the other hand, showed that relating Vp/Vs ratios to silica content is only meaningful at upper crustal levels due to the interchangeability of the quartz content (Poisson's ratio is 0.077) in common upper Christensen & Mooney (1995) . Vp/Vs ratios are approximately constant under temperature variations (Christensen 1996) . Uncertainties are reported as 1σ -error bounds. Densities for lower crustal lithologies were reported at different pressures with no temperature dependence; densities for mantle peridotite were reported at several temperatures and 600 MPa, with no uncertainties. Table 5 lists experimental P-and S-wave velocities and densities for low and high heat-flow continental geotherms for three common lower crustal lithologies and upper-mantle peridotite. P-wave velocities and densities for the lower crustal lithologies were taken directly from Christensen & Mooney (1995) laboratory measurements, while S-wave velocity values were computed by dividing the P-wave velocity values of Christensen & Mooney (1995) by the experimental Vp/Vs ratios of Christensen (1996) . Densities and S-wave velocities for mantle peridotite were computed from best-fitting solutions of velocity-pressure and velocity-temperature data as reported by Kern & Richter (1981) . An examination of the column corresponding to the S-wave velocities in Table 5 reveals a pattern similar to that of P-wave velocities, that is, the seismic velocity increases with the inclusion of mafic minerals. The uncertainties for the lower crust lithologies are considerable, however, especially for the S-wave velocities. The values for lower crustal lithologies are averages that include a wide range of compositions for each rock assemblage, so there is significant scatter among the individual measurements (Christensen & Mooney 1995; Christensen 1996) . The uncertainties for mantle peridotite are one order of magnitude smaller, since they were taken from a specific rock sample with a known composition (80 per cent olivine by volume; Kern & Richter 1981) . It is perhaps symptomatic that an S-wave velocity of 3.9 km s −1 for the lower crust in Central Spain is related to a clearly felsic granulite composition (Villaseca et al. 1999 ) while a lower S-velocity value of 3.8 km s −1 in the Indian Shield lower crust is associated to a felsic to intermediate composition . One might then ask if simultaneous constraints on S-wave velocity and density can help discriminate among lower crustal lithologies better than S-wave velocity measurements alone. Table 5 also lists the expected relative S-velocity and density contrasts for the lower crustal lithologies. The values obtained for station PAB were 0.138 ± 0.010 and 0.160 ± 0.029 for the relative S-velocity and density contrasts, respectively. The measured density contrast is in excellent agreement with an experimental value of 0.165 ± 0.054 for the felsic granulites, but the measured S-wave velocity contrast is clearly smaller than the expected value of 0.270 ± 0.132 (even though the corresponding 2σ -error bounds still overlap). The values obtained for station HYB were 0.204 ± 0.004 and 0.14 ± 0.014 for the relative S-velocity and density contrasts, respectively. Once more, the density contrast agrees pretty well with the expected felsic to intermediate composition, but the velocity contrast is closer to a mafic granulite composition (even though, again, the corresponding 2σ -error bounds overlap). Realize that Table 5 shows that density measurements in rocks are relatively less scattered than S-wave velocity measurements and thus corroborates that density constitutes a better indicator of lithology than S-wave velocities.
C O N C L U S I O N S
Receiver function amplitudes can be utilized to accurately estimate relative S-wave velocity and density contrasts across the crust-mantle boundary. The direct P-wave amplitude is sensitive to near-surface structure, the Ps conversion is sensitive to the relative S-wave velocity contrast, and the multiply reverberated phases are sensitive to both the relative S-wave velocity and density contrasts. The amplitude measurements are found to be frequency dependent for depth-dependent structures due to changes in wavelength with frequency content. The Ps conversion has longer wavelengths than the multiply reverberated phases at a given frequency and samples contrasts over larger depth-ranges. When consistent amplitude measurements can be found a simple extension of a layer over a half-space model can be utilized to predict the observed amplitudes and work out the relative S-wave velocity and density contrasts. The relative density contrasts estimated from the receiver function amplitudes are shown to be more consistent with laboratory measurements and a better parameter for discriminating among common lower crustal lithologies.
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